Introduction
To understand the formation of the Tibetan Plateau, we need to know whether deformation in the crust and the mantle lithosphere shares the same kinematics during the Indo-Asian collision [e.g., Holt, 2000] . Two hypotheses have been proposed in this regard. The first hypothesis considers deformation of the lithosphere to be uniform in a vertical profile; therefore surface deformation represents the same strain history and distribution in the entire lithosphere [Tapponnier et al., 1982; England and Houseman, 1986] . In contrast, the second hypothesis argues that the existence of a weak lower crust for the continental lithosphere indicates that the upper crust and the mantle lithosphere may have experienced different kinematic patterns and strain histories during the lndoAsian collision, which permits horizontal injection and diffusion of ductile lower crustal materials in and out of Tibet [Zhao and Morgan, 1987; Bird, 1991; Masek et al., 1994; Royden, 1996] 
Geologic Setting of North-South Trending

Rifts in Tibet
Since the initial recognition of active north-south trending rifts in Tibet [Tapponnier and Molnar, 1977; Molnar and Tapponnier, 1978; Ni and York, 1978] , our knowledge of these structures has greatly improved. This may be attributed to several detailed field investigations in southern Tibet [ Tapponnier et al., 1981; Armijo et al., 1986 Armijo et al., , 1989 Mercier et al., 1987; Burchfiel et al., 1991 ] , improved quality of Landsat imagery [Rothery and Drury, 1984] , and availability of seismic reflection and refraction data in south Tibet [Cogan et al., 1998 ]. Because the initiation age of east-west extension in Tibet may represent the time when the plateau reached its present elevation [Molnar and Tapponnier, 1978 [Smith, 1977] . The fundamental physics of the theory is that in a mechanically stratified system the strength contrast between neighboring layers can produce a sharp pressure jump across the interface under uniform exten- 
Basic Equations
A four-layer mechanical system is considered under plane strain deformation (Figure 4 ). Owing to irregular surface topography and variations of composition and thermal gradients, the top surface and the contacts between the mechanical layers of the lithosphere and asthenosphere may not be perfectly planar. As the magnitude of vertical variation departing from perfectly planar interfaces between layers is likely small (<1-2 km)compared to the horizontal dimension of the mechanical system (>800 km for the extended part of Tibet), the total extensional deformation may be partitioned into two parts: (1) the basic flow, which is derived when treating all the contacts as planes, and (2) the perturbed flow, which is induced by small-amplitude topography at the boundaries of the mechanical layers. The total stress and strain rate for the combined flow may be written as 
The relationship between stress and strain rate follows the power law cri/= 21/•U-p8 u , 
a xx = • e xx -p, 
Wi(X, Zi ) =Wi+l (X,Z i ), 
where hi(x) is the topography at the ith interface, i = 1, 2, 3, and pi is the density for the ith layer. Note that (14) to (17) show that the velocity is continuous for the perturbed flow across the interfaces but the stress components are discontinuous across the boundaries, producing a pressure jump that drives the instability [Smith, 1975] . MPa, Pman,e = 3.2 g cm '3. Selecting R• = 100 implies that the upper crust is 2 orders of magnitude stronger than the lower crust, and Re = 0.5 implies that the plastic mantle lithosphere is a factor of 5 stronger than the plastic upper crust. Finally, R3 = 50 implies that the upper crust is 50 times stronger than the asthenosphere. This figure shows that for a given density contrast between the crust and the mantle, the growth rate factor has two maximums: one corresponds to a higher wave number and the other corresponds to a lower wave number. As demonstrated by Zuber et al. [1986] , the peak corresponding to the lower wave number is controlled by the presence of a strong upper mantle, whereas the peak corresponding to the higher wave number is controlled by the presence of a strong upper crust. When the value of one peak is greater than the other, extensional instability is dominated by the wave number related to the larger peak, which in turn decides the dominant wave length and therefore the spacing of extensional instability. When the crustal density is between 3.1 and <-2.92 g cm-3, the peak value for the growth factor corresponding to the high wave number is greater than that corresponding to the lower wave number ( Figure 5 ). This implies that the spacing of extensional instability is dominated at a wave number of k'--1.56 or a wave length L --40 km. However, as the density of the crust decreases, the peak value of the growth factor corresponding to the lower wave number increases faster than that corresponding to the higher wave number. When the crustal density is equal to -2.92 g cm -3, the two peak values are nearly 
If the vertical irregularity at an interface is a sinusoidal function of x such as h(x,t)=hio(t)sin
